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Introduction
Hotspots present a controversial topic, especially from geophysical perspective. Many experts follow Morgan (1971) in the idea that hotspots are generated by plumes ascending from the boundary layer at the base of the mantle. Courtillot et al. (2003) suggested that there are three distinct types of hotspots: primary or 'Morganian', of a very deep origin (1); secondary, from the transition zone (2); and 'tertiary' or 'Andersonian', of a superficial origin (3). Interpretations of seismic data for the deep mantle either claim evidence of deep roots of many hotspots (e.g., Montelli et al., 2006) or put it in doubt (Ritsema and Allen, 2003) . Seismic anomalies that are found in the mantle transition zone beneath hotspots (e.g., Deuss, 2007) are refuted in other studies (Tauzin et al., 2008) , and there are other arguments in favor of shallow origins of hotspots (e.g., Anderson, 2010; Doglioni et al., 2005) A reason for the contradictions is, partly, in a highly variable quality and resolution of seismic data. In many global studies the only robust mantle anomalies beneath hotspots are low S velocities at depths less than~200 km, but they lack continuity at larger depths (Ritsema and Allen, 2003; Silveira et al., 2006) . The best chances for resolving the details are provided by arrays of seismic stations sampling the Earth beneath hotspots in different directions and at a close range, but such arrays are few.
In this paper we use a local array of seismograph stations to investigate architecture of the Cape Verde hotspot in the Atlantic (Fig. 1) . The Cape Verde archipelago consists of 9 main islands ( Fig. 1 ) in the south-western part of the Cape Verde Rise, the underwater swell 1200 km in diameter. The swell is~2 km high over the surrounding ocean floor 125-150 Myrs old. It is associated with elevated surface heat flow (Courtney and White, 1986 ) and a geoid anomaly of +8 m (Monnereau and Casenave, 2000) . The Cape Verde Rise formed in the early Miocene, around 22 Myrs. The onset of volcanism on eastern islands (Sal, Boavista and Maio) is in the middle Miocene (~15 Myrs). The volcanism continued in Pliocene but on a reduced scale. The volcanism on the north-western (Santo Antão, Sao Vicente, Sao Nicolau) and south-western (Brava, Fogo, Santiago) islands is younger (~6 Myrs), Earth and Planetary Science Letters 319-320 (2012) Contents lists available at SciVerse ScienceDirect
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j o u r n a l h o m e p a g e : w w w . e l s e v i e r . c o m / l o c a t e / e p s l and it continues until today (Holm et al., 2008) . The Cape Verde hotspot is almost stationary (Gripp and Gordon, 2002) . Seismic data are, generally, in favor of deep origins of the Cape Verde swell. Davaille et al. (2005) relate it to a large-scale velocity anomaly in the lower mantle but note the lack of reliable images of the mantle between 400-km and 1000-km depths. Seismic tomography data suggest that the origin of the Cape Verde plume is near the coremantle boundary . Thermochemical modeling of seismic and gravity data (Forte et al., 2010) reveals beneath the Cape Verde islands a deep-seated large-scale hot upwelling.
Seismic data for the crust, upper mantle and transition zone in the Cape Verde region are controversial. A hotspot swell can be explained by a thermal reheating of the lithosphere and/or magmatic underplating and/or dynamic support of upwelling asthenosphere. A joint analysis of gravity (free air anomalies) and seismic data (wide angle seismic reflections) suggests that the first two reasons are unlikely for the Cape Verde archipelago (Pim et al., 2008) . The results of our work disagree with this solution. Lodge and Helffrich (2006) inferred from receiver functions that the S velocity in the uppermost mantle is very high (4.8 km/s) and the mantle root of the swell is depleted. Thermal anomalies in the transition zone are expressed by anomalous depth separations between the 410-km and 660-km discontinuities. Helffrich et al. (2010) state that beneath the Cape Verde islands this separation is normal, with implication of 'Andersonian' origin of this hotspot. The results of our work are very different, practically the opposite.
We use recordings of station SACV of the Global Seismographic Network (GSN) on the island of Santiago and of two temporary networks. One network of~40 stations was deployed in 2009 for 9 months. The recordings of several stations on each island were stacked to reduce noise and then treated as recordings of one station on this island. The 2nd network of several stations was deployed for 2 years from 2002 to 2004 (Lodge and Helffrich, 2006) . Data of good quality were obtained at 6 stations: MLOS, MAIO, SALA, SNIC, MING and PJOR (Fig. 1) . We will discuss the data with reference to the station codes (for the 2nd network) or to the island name (for the first network). Like in geological studies (Holm et al., 2008) we divide the islands into eastern (Sal, Boavista, Maio), north-western (Santo Antão, Sao Vicente, Sao Nicolau) and south-western (Brava, Fogo, Santiago) groups. We investigate the subsurface structure with P and S receiver function techniques, and, in this respect, this study is similar to the recent study of the Azores hotspot (Silveira et al., 2010) . In Section 2 we present results of application of P receiver function techniques. These data illuminate the structure of the transition zone. P receiver functions are then complemented by S receiver functions (Section 3). Simultaneous inversion of the P and S receiver functions provides data on velocity profiles in the crust and upper mantle to a depth of~300 km (Section 4). Finally, in Section 5 we summarize and discuss our findings.
P receiver functions
P receiver functions (PRFs) are used in our work for two purposes. First, we are interested in the structure of the mantle transition zone. Second, PRFs in the time interval from − 5 s to 35 s are inverted simultaneously with SRFs for the crust and upper mantle velocity models. We use the LQ coordinate system (Vinnik, 1977) where the L axis corresponds to the principal direction of the P wave particle motion in the wave propagation plane and Q is perpendicular to L in the same plane. The records were low-pass filtered with a corner period of 6 s. To remove the effect of seismic source, the Q component of each seismic event is deconvolved by the L component, and the deconvolved Q components are stacked with move-out time corrections. The corrections are calculated for several assumed depths of conversion from 0 to 1000 km. The reference slowness for stacking, as in other similar studies, is 6.4 s/°. Seismic events used in the calculations of PRFs are distributed in a broad distance and azimuth range (Fig. 2) .
PRFs in Fig. 3 consist mainly of Ps converted phases and multiple reflections. The Ps converted phases from transition-zone discontinuities and reverberations may arrive in the same time window but with a different slowness. The slowness of the Ps converted phases is less (Helffrich et al., 2010) . (For interpretation of the references to color in this figure legend, the reader is referred to the web version of this article.) than of the P wave at the same epicentral distance, whilst that of the multiples is larger. To identify the converted phases with confidence, we follow Chevrot et al. (1999) and present in Fig. 1S (Supplementary material) the results of slant stacking, where the move-out corrections are calculated as product of the differential slowness (difference of the trial slowness relative to the P wave) and the differential distance (separation in epicentral distance between the seismic event and the average distance of the group of events). In this stack the largest amplitudes of the converted Ps phases and the multiples should be observed at a negative and positive differential slowness, respectively. All phases that are discussed in this Section are with a negative slowness. All stacks contain a large Ps phase from a crustal boundary at a time near 2 s. To judge on the region in the upper mantle sampled by PRFs, we show piercing points of the converted phases at 410-km and 660-km depths (Fig. 4) .
The stack in Fig. 3a is obtained for the receiver functions from 9 events at~15 stations on the north-western islands. Beyond the crustal phase, the stack contains a large pulse of negative polarity at a time of 53.6 s. It is labeled "M" because its waveform resembles the capital letter M. The piercing points ( Fig. 4a ) surround the north-western islands.
The stack of 20 PRFs for station PJOR ( Fig. 3b ) contains Ps phases from both 410-km and 660-km discontinuities at a time of 47.2 s and 70.6 s. The difference in time of the two phases (23.4 s) is reasonably close to the standard value (23.9 s) of IASP91 model with implication that the discontinuities in the transition zone sampled by PJOR are located close to their standard depths, but these arrivals are delayed by 3.2 s and 2.7 s with respect to the standard times of IASP91 model (Kennett and Engdahl, 1991) . The times of IASP91 for P410s and P660s phases are very close to the average observational values in the a c b continents (Chevrot et al., 1999) . The delays of~3 s indicate that the waves in the upper mantle over the 410-km discontinuity are slow relative to the standard. Similar delays are observed in peripheral regions of Iceland (Du et al., 2006) . Piercing points for this set of PRFs are located mostly west of the islands (Fig. 4b) . Apparently, west of the islands the structure of the transition zone is nearly normal.
The stack of PRFs for all stations on the north-western islands ( Fig. 3c ) contains in the time interval from 40 s to 75 s the arrivals that are present in (a) and (b). The M-shaped phase at a time of 53.4 s is preceded by the P410s phase which arrives several seconds earlier (~47.5 s). The times of these two phases can be distorted by interference, but they are close to those in (a) and (b). The P660s phase is outside the interference zone, where it can be easily distorted, but its time (69.6 s) is 1 s less than in (b). The separation between P410s and P660s is 22.1 s. That is 1.8 s less than the standard value. Time anomalies in a range of a fraction of a second can be easily explained by measurement errors (Chevrot et al., 1999) , but the anomaly of 1.8 s is too large for this. The piercing points surround the north-western islands; many piercing points are located south and north-east of the islands (Fig. 4c) .
In the PRFs from all stations on the south-western islands (Fig. 3d) , only an arrival at 45.6 s is detected with confidence in the transition zone window. Most piercing points are located south-west of the south-western islands (Fig. 4d) . The reduced delay of P410s relative to IASP91 (1.6 s versus 3.2 s at PJOR) means that the uppermantle velocities are higher or the 410-km discontinuity is relatively shallow south-west of the Cape Verde archipelago. However, an uplift of the 410-km discontinuity relative to the normal depth at PJOR in a hotspot region is unlikely, and this leaves the relatively high velocities as a likely possibility.
The stack in Fig. 3e differs from the others: PRFs from different stations in this stack sample the same region in the transition zone. This is achieved by using PRFs of all stations on north-western islands for southern events and of all stations on the south-western islands for northern events. Piercing points of this group (Fig. 4e) provide the best sampling of the transition zone under the archipelago. The observed wave field in the transition zone window looks similar to that in Fig. 3c with the M-shaped, P410s and P660s phases. The separation between P410s at 48.5 s and P660s at 68.8 s is 20.3 s, 3.6 s less than the standard time of 23.9 s.
Finally, the stack in Fig. 3f is calculated for PRFs of stations SALA and MAIO on the eastern islands. These data provide good sampling of the transition zone of the Cape-Verde Rise (Fig. 4f) . The wave field in Fig. 3f contains P410s and P660s at 46.5 s and 67.4 s with a separation of 20.9 s or 3.0 s less than the standard time. The time of the P660s phase is 3.2 s less that at PJOR which cannot be explained by measurement errors. This is, at least partly, the effect of an uplift of the 660-km discontinuity: 1 s in time is equivalent to~10 km in depth of the discontinuity.
S receiver functions
In S receiver functions (SRFs) the Sp converted phases do not interfere with multiple reflections. In the SRF technique (Farra and Vinnik, 2000) the record of the S wave train is decomposed into Q and L components. For the sketch of the coordinate system see Vinnik et al. (2010) . The Q axis is parallel to the principal S-wave particle-motion direction in the wave propagation plane. The L axis is normal to Q in the same plane. The L axis is not disturbed by the S wave motion and, for this reason, is optimal for detecting S-to-P converted phases. The L components of a number of seismic events are equalized by deconvolution. With the adopted sign convention, positive or negative polarity of Sp phase in the L component corresponds to a discontinuity with the lower or higher S velocity at the lower side of the discontinuity. To suppress noise, the deconvolved L components of a number of SRFs are stacked with weights. To account for the difference in slowness between S and Sp phases in the same recording, the SRFs are stacked with move-out time corrections. The corrections are calculated as product of the difference in slowness between the Sp phase and S (differential slowness) and the difference between the epicentral distance of the seismic event and the reference distance. The details of the processing procedure can be found elsewhere (e.g., Silveira et al., 2010; Vinnik et al., 2010) . To construct SRFs with the optimum signal/noise ratio, the records were low-pass filtered with the corner period of 9 s. Sometimes, to maximize the signal/noise ratio in the stack the individual SRFs were combined into groups of two or more stations. The stack of 135 receiver functions from stations SACV, MLOS, SALA and MAIO (Fig. 5a ) is calculated for all available good quality recordings in the epicentral distance interval from 65°to 89°. The stack contains a clear S410p phase at a time of − 59.8 s. The time of IASP91 model for this phase is − 56.1 s , which means that the signal arrives 3.7 s earlier than predicted by the model. The phase, equivalent to the M-shaped phase in Fig. 3 , should be recorded in front of S410p with the same amplitude and opposite polarity, but it is not observed. Piercing points of the S410p phase are scattered in a large region outside the Cape Verde Rise (Fig. 5b) .
Simultaneous inversion of PRFs and SRFs
The simultaneous inversion of PRFs and SRFs was previously applied in several regions, including the Azores (Silveira et al., 2010) . The technique was described in detail by Kiselev et al. (2008) . We assume that the Earth in the vicinity of the station is laterally homogeneous and isotropic. A search for the optimum models is conducted by using iterative algorithm similar to Simulated Annealing (Mosegaard and Vestergaard, 1991) . The procedure is repeated for 4 randomly selected starting points in the model space. For each starting point 10 5 models are tested which is sufficient for the trial models to converge. We divide the model space into cells and present results of the search by a number of hits (color code) in each cell for the last several thousand models. A similar statistics is obtained for the data space. The trial model consists of 9 layers. At a depth of 300 km the velocities are forced to merge with IASP91 velocities. The synthetics are calculated by using the Thomson-Haskell matrix formalism (Haskell, 1962) for plane waves and plane layers, with Earth flattening transformation (Biswas, 1972) . The model is defined by velocities Vp, Vs, thickness and density of each layer. Density is derived from Vp by using Birch's law (Birch, 1961) . To reduce the spread of the velocity profiles we invert jointly the receiver functions and teleseismic travel time residuals. The residuals relative to IASP91 can be inferred from the residuals of P410s and P660s. If the time separation between P660s and P410s is close to normal, the average of the residuals of P410s and P660s can be attributed to the Earth's medium above the 410-km discontinuity. This average can be interpreted as the difference between the teleseismic residuals of the S and P waves. The profiles presented in Figs. 6-8 are obtained by assuming that the teleseismic P and S residuals are 1 s and 3 s respectively, and these residuals are accumulated in a depth range of the inversion (300 km). The equivalent residuals of the Ps phases from the transition-zone discontinuities are 2 s, consistent with the data in Fig. 3 . For comparison similar profiles with the residuals of 1 s and 4 s are shown in Supplementary material.
The assumption of lateral homogeneity is easily violated in complicated geological structures. To minimize the effects of lateral heterogeneity, we stack receiver functions in wide azimuthal sectors (Figs. 4 and 5b) and combine the receiver functions of neighboring stations. Moreover, we interpret only stable details which are present in the velocity profiles of different stations. The main features of the profiles for station SALA (the eastern islands) (Fig. 6 ) are: the large discontinuity at a depth of~10 km, labeled a; the underlying layer 10 km thick with the S velocity of~3.8 km/s and elevated Vp/Vs ratio (~1.9), labeled b; the mantle lid with the S velocity of 4.1 km/s between the depths of~20 km and~65 km, labeled c and the underlying layer with a reduced S velocity (~3.8 km/s). These numbers correspond to the medians, whereas the actual values are spread around the medians. The synthetic PRFs and SRFs are close to the actual PRFs and SRFs, and the resulting travel-time residuals for the P and S waves are close to 1 s and 3 s.
The same features are present in the profiles for stations MING and SNIC on the north-western islands (Fig. 7) , although there are changes in the parameters: S velocity in the layer b is 4.1 km/s instead of 3.8 km/s, the Vp/Vs velocity ratio in this layer is~2.0 instead of 1.9, and the bottom of this layer is at a depth of~30 km, instead of 20 km. S velocity in the layer c is~4.2 km/s instead of 4.1 and the upper boundary of the low S-velocity layer is at a depth of~70 km instead of 65 km. In the profiles for stations SACV and MLOS on the southa b 
Discussion and conclusions

Crust and upper mantle
The velocity models in Figs. 6-8 contain a strong boundary a at a depth of~10 km and an underlying layer b 10-20 km thick. The Vs and Vp/Vs values in the layer b in the profiles for stations SALA and MING + SNIC (~3.9 km/s and~1.9) are consistent with the data for gabbronorite-troctolite (Christensen, 1996) : 3.93 ± 0.12 km/s and 1.86 ± 0.05, respectively. Therefore, in our interpretation, this layer belongs to the crust. As a result, the thickness of the crust (20-30 km) is at least three times the thickness of the normal oceanic crust and is close to other estimates for regions directly above the central rising cores of mantle plumes (20.1 km, White et al., 1992) . We interpret the boundary a and the underlying layer b as the fossil Moho, inherited from the pre-hotspot era, and the magmatic underplate, associated with the plume. Pim et al. (2008) find in their wide-angle reflection data no evidence for magmatic underplating or a reheating of the upper mantle and a related reduction of the mantle velocity beneath the Cape Verde archipelago. This problem might arise because the difference in P-wave velocities between the crustal layer b and the upper-mantle layer c is small. In our data layer b differs from c mainly by the Vp/Vs ratio. Density of gabbro is~3 g/cm 3 versus 3.3 g/cm 3 for dunite (Christensen, 1996) . With a thickness of 10 km the layer b may compensate the load of an underwater swell 2 km high. Our data for the crust beneath the Cape Verde islands are fairly similar to those obtained with a similar method for the Azores (Silveira et al., 2010) . Indications of underplating are known for other oceanic islands (e.g., Leahy and Park, 2005) . Magmatic underplating may support the Cape Verde swell, but we cannot confirm this by gravity modeling, because of a large uncertainty in the required parameters. Like under the Azores, the upper mantle beneath the Cape Verde islands contains the high-velocity lid (layer c in Figs. 6-8 ) and the underlying low S-velocity layer. Qualitatively similar structures are found in a number of oceanic regions (for references see Silveira et al., 2010) . This layer is usually interpreted as a residuum formed through basaltic melt extraction (e.g., Gaherty et al., 1996) . Beneath the Azores, the S velocity in the lid is~4.4 km/s, and the Vp/Vs ratio is reduced relative to the normal 1.8 (Silveira et al., 2010) . By comparison, the S velocity in the lid beneath the Cape Verde islands (~4.2 km/s) is 5% lower, and the Vp/Vs anomaly is missing. We tentatively relate this difference to the Mid-Atlantic ridge location of the Azores and the mid-plate location of the Cape Verde islands. The S-wave velocity reduction in the low-velocity layer beneath the Cape Verde archipelago and the Azores is 13-15% relative to IASP91 model.
Our uppermost-mantle models are very different from those previously obtained for this region from PRFs by Lodge and Helffrich (2006) , furthermore LH: our S velocity is much lower (4.2 km/s versus 4.8 km/s) and there are no indications of extremely low density (2.74 g/cm 3 in LH model versus the standard 3.3 g/cm 3
). In comparison with our data, LH models are obtained at a shorter-period (~2 s) range.
The low density is invoked in order to reduce the theoretical amplitudes of the multiple reflections from the crust/mantle boundary which are absent in the actual PRFs obtained by LH. This discrepancy may have other reasons. For instance, the reflected phases cannot be observed if the width of the discontinuity is around a quarter of the wavelength or more. For transmitted Ps phases this threshold is roughly 3 times the threshold for reflected phases. If the S-wave period is 2 s, S-wave velocity is 4 km/s and a width of the discontinuity is 3-4 km versus wave-length of 8 km, this discontinuity may produce a large Ps phase and at the same time be transparent for reflected phases, as in the LH data. This, rather than the very low density, is a consistent explanation for incompatibility of the short-period transmitted and reflected phases. The problem of sharpness of the discontinuity is less significant at the longer periods of our study. Another possible reason for the apparent incompatibility of the transmitted and reflected phases is a destructive interference between the multiple reflections from the crust-mantle boundary and the Ps phase from the bottom of the mantle high-velocity lid.
The synthetic receiver functions calculated for LH model differ from our receiver functions of stations MLOS + SACV (Fig. 8) . The LH model is obtained only for station SACV, but in our combined data set of SACV + MLOS the data from SACV are strongly dominant. In the PRFs a substantial discrepancy is present in the time interval from 6 to 10 s. This interval contains those seismic phases that are affected by the low density in the LH model. A dramatic disagreement is found between the synthetics and the actual SRFs. Note that the LH model is based only on PRFs, and no wonder that the effect of its non-uniqueness is so large in the SRFs. Separate inversions of both PRFs and SRFs are non-unique, but the non-uniqueness is reduced by the simultaneous inversion in our approach (Vinnik et al., 2004) .
To finish the discussion of the low density in the LH model, we note that the material with the ultra-mafic velocity (Vs = 4.8 km/s) and felsic density proposed by LH is very exotic. LH describes this rock as depleted. However, from petrology the fertile mantle has only a 2.5% higher density than the depleted one (O'Hara, 1975) , rather than 20% reported by LH. A more realistic density deficit of 2.5% is too small to be inferred directly from seismic amplitudes as attempted by LH.
Mantle transition zone
Our analysis demonstrates that the separation in time between the P660s and P410s phases beneath the Cape Verde islands is reduced by up to 3.6 s relative to IASP91. The corresponding effect in the thickness of the transition zone is~30 km. This is a joint effect of uplift of the 660-km discontinuity and depression of the 410-km discontinuity. The times of the P660s phase in the best data are 68.8 s and 67.4 s (Figs. 3e,f) , close to 67.9 s in IASP91. For the standard depth of 660 km they should be~2 s larger, owing to the low velocities in the upper mantle. The discrepancy can be eliminated by moving the 660-km discontinuity to a depth of~640 km. This is an important observation, because thinning of the transition zone beneath hotspots is usually caused only by depression of the 410-km discontinuity (Deuss, 2007; Du et al., 2006) .
The 660-km discontinuity is a combined effect of the post-spinel phase transition with a negative Clapeyron slope of −2.8 MPa/K and the post-majorite transition with a positive Clapeyron slope of 1.3 MPa/K (Hirose, 2002) . At a temperature, which can be expected in high-temperature plumes (above 1700-1800°C), pressure of the combined transition in pyrolite is practically temperature-independent or the pressure-temperature slope is positive (Hirose, 2002) . In other words, the depth of the 660-km discontinuity is insensitive to temperature or it is increased by high temperature in such a model. Our observation of the uplift of the 660-km discontinuity contradicts this. If the post-spinel transition is dominant and its pressuretemperature slope is −2.8 MPa/K, the corresponding rate of change of depth of the 660-km discontinuity is −0.07 km/K, and the uplift of 20 km corresponds to a temperature anomaly of +300 K. The negative pressure-temperature slope of the 660-km discontinuity implies that the discontinuity may resist passage of the plume (e.g., Solheim and Peltier, 1994) . This is consistent with tomographic images of a few plumes, including the Cape Verde plume . Davaille et al. (2005) speculated that the plume may be stopped below/by the transition zone. Our estimates of the transition zone thickness are very different from the standard width of 250 km, reported by Helffrich et al. (2010) . The periods used in the data of Helffrich et al. (2010) (Fig. 9) are somewhat shorter than in our study. Shorter periods may facilitate more accurate estimates of time, but this advantage is only realized when the signal/noise ratio is sufficient, which unfortunately is not the case. We consider the result robust, if the detected seismic phase has a high signal/noise amplitude ratio (at least 3) as well as a specific slowness and waveform. However, the only reason for interpreting the phase in Fig. 9 by Helffrich et al. (2010) as P660s is its appearance in a suitable time interval (near 70 s). In a range between −3°and 0°its amplitude is similar to the noise. At the larger distances its motion is preceded and followed by large oscillations of opposite polarity, which are indicative of interference pattern. Note that the standard differential time between P660s and P410s is 24 s, but in Fig. 9 it reaches 26 s, which implies not thinning but thickening of the transition zone by 20 km.
In our data the S410p phase arrives 3.7 s earlier than predicted by IASP91 model. Qualitatively similar residuals were observed in California and in the vicinities of the Azores (Silveira et al., 2010) . The residual of 2.0 s could be explained either by the Vp/Vs ratio of 1.9 versus~1.8 in IASP91 in the upper mantle layer 125 km thick or by a depression of the 410-km discontinuity of 15 km or by both effects but of smaller magnitudes . In our case the residual is much larger, as well as the required anomalies of Vp/Vs and depth of the 410-km discontinuity. The region sampled by S410p is very large, because the related first Fresnel zone is elliptic with a half-length of the axis of 900 km in the wave propagation plane (Silveira et al., 2010) . A deep depression on the 410-km discontinuity in this region is unlikely, and then the elevated Vp/Vs ratio seems to be a viable alternative. The actual Vp/Vs ratio in the upper mantle may be larger than in our models in Figs. 6-8.
The M-shaped phase in the PRFs is an important finding. This phase is very similar to the phase observed in the Azores region (Fig. 10) , but in our data it arrives~1 s later. The synthetic PRF for this phase in Silveira et al. (2010) was computed for the model with a low S-wave velocity layer between 460-km and 500-km depths (Fig. 10) . To fit the wave-train observed in our region, the lowvelocity layer in this model should be shifted downward by~10 km. The model is not unique, but the depth and the S-velocity contrast of the negative discontinuity at the top of the low-velocity layer are constrained by the time and amplitude of the M-shaped phase. This phase is observed in those PRF stacks which provide the highest concentration of the piercing points in the mantle beneath the Cape Verde archipelago. Accordingly, the related structure in the transition zone is present only under the islands and thus is closely related to the recent volcanism. A similar conclusion with respect to the Azores has been made by Silveira et al. (2010) . Earlier, the low-velocity layer in the upper transition zone has been found in the SRFs for a few other hotspots (Vinnik and Farra, 2006) . Keshav et al. (2011) reported an abrupt drop in the solidus temperature of carbonated mantle in a pressure range corresponding to this low-velocity layer. Indication of a layered structure in the same depth range has been found in PRFs for the Eifel plume (Budweg et al., 2006) .
The systematic observations of the plume-related low velocities in the upper transition zone may be relevant to observations of the 520-km discontinuity. At a depth of~520 km wadsleyite transforms to ringwoodite, but the related velocity increase at this transition in pyrolite is by an order of magnitude less than at the 410-km and 660-km discontinuities and, for this reason, the reflected and converted phases from this discontinuity are practically unobservable. However, there are reports on observations of a discontinuity near this depth, especially in the data on SS precursors (e.g., Deuss and Woodhouse, 2001; Flanagan and Shearer, 1998; Gu et al., 1998) and P wave recordings (e.g., Ryberg et al., 1997) . The 520-km discontinuity is found in some regions, but it is absent in the others. In this respect it differs from the global 410-km and 660-km discontinuities. Revenaugh and Jordan (1991) argued that the large 520-km discontinuity in seismic data is related to garnet/post-garnet transformation. Gu et al. (1998) discussed a possibility of very deep continental roots extending into the TZ. Deuss and Woodhouse (2001) reported splitting of the 520-km discontinuity into two discontinuities, whereas Bock (1994) denied evidence for the 520-km discontinuity in precursors to SS.
Our observations suggest that the 520-km discontinuity may be the base of the low velocity layer in the upper transition zone: the related seismic signals are comparable in amplitude with those from the 410-km and 660-km discontinuities, its depth is close to 520 km, and its presence varies on a regional scale.
